The physical processes that drive the fluctuations of the extratropical tropopause height are examined with the National Centers for Environmental Prediction-National Center for Atmospheric Research (NCEP-NCAR) reanalysis data.
Introduction
The tropopause is a transition region between the troposphere and the stratosphere, where dynamic and thermodynamic properties rapidly change. Across the tropopause, there is an exchange of mass, moisture, and chemical constituents. Since slight changes in the exchanged amount of moisture and chemical constituents may result in significant changes in the global climate, precise knowledge of the spatial and temporal structure of the tropopause is beneficial (Holton et al. 1995; Hoinka 1998) .
It is known that the radiative-convective process alone can generate a tropopause in its equilibrium state (e.g., Manabe and Strickler 1964; Thuburn and Craig 2000) . However, a tropopause in the radiativeconvective equilibrium state is lower and broader than the observed extratropical tropopause (hereafter, the extratropical tropopause is simply denoted as the tropopause). Various theories suggest that this discrepancy is due to the neglecting of baroclinic eddies (e.g., Held 1982; Lindzen 1993; Schneider 2004 ). According to these theories, the so-called baroclinic adjustment (Stone 1978; Held 1982; Lindzen 1993; Juckes 2000) and equilibrium theories (Schneider 2004) , vigorous horizontal and vertical heat transport by baroclinic disturbances sharpens and raises the tropopause while reducing the isentropic slope in the troposphere. This idea has been tested with numerical models, and shown to indeed be the case (Egger 1995; Barry et al. 2000; Schneider 2004 ).
The tropopause height is also influenced by stratospheric processes. Gabriel et al. (1999) and KirkDavidoff and Lindzen (2000) pointed out that baroclinic activity alone is unable to produce a realistic tropopause. In their two-dimensional climate model, the observed tropopause is recovered only when a realistic stratospheric circulation is imposed. With general circulation model simulations, Thuburn and Craig (2000) also showed that diabatic and dynamic heatings in the stratosphere can change the tropopause height by a few kilometers.
In contrast to the above studies, which all utilize either analytical or numerical models, it is difficult to test theories of the time-mean tropopause with observational data because the dynamical and radiative balance in a statistically steady state does not indicate the processes by which this state is achieved. On the other hand, the temporal variability of the tropopause height can be readily examined with observational data. Experience with other atmospheric processes tells us that the physical processes that drive the time-mean flow and the intrinsic time-scale temporal variability are often the same. Thus, while there is no physical reason to expect that the driving mechanisms for temporal variability at the intrinsic time scale are identical to those for the time-mean state, it is worthwhile to investigate the extent to which the temporal variability of the observed tropopause height is consistent with the above time-mean theories, and to examine whether other processes may drive the tropopause height variability. Thus, the goal of this study is to examine with observational data the processes that drive fluctuations in the zonal-mean extratropical tropopause height.
In a recent study, Dell'Aquila et al. (2006, hereafter DRS) examined the changes in tropopause pressure during baroclinic eddy cycles. Focusing on the effect of baroclinic eddies within the troposphere, consistent with the above theories for the time-mean flow, they found that at intraseasonal time scales the extratropical tropopause is indeed raised by tropospheric baroclinic eddy activity. On the other hand, the results of KirkDavidoff and Lindzen (2000) and Bordi et al. (2002) suggest that stratospheric processes are also important for determining the time-mean extratropical tropopause height. Thus, we extend the analysis of DRS to also include the impact of stratospheric processes in our investigation.
This paper is organized as follows. Section 2 describes the data and analysis method. In section 3, we examine the relationship between fluctuations in zonalmean tropopause height and synoptic-scale eddy kinetic energy during the Northern Hemisphere (NH) winter. Section 4 presents similar analyses but with respect to changes in the extratropical-mean tropopause height. The results for the Southern Hemisphere (SH) winter are shown in section 5. The summary and discussion are given in section 6.
Definition of tropopause
The tropopause height is generally defined as the lowest level at which the temperature lapse rate is less than 2 K km Ϫ1 for a depth of more than 2 km [World Meteorological Organization (WMO 1957) ], hereafter referred to as the thermal tropopause height Z T . While widely used for in situ data, this definition occasionally fails to distinguish the troposphere from the stratosphere in midlatitudes. Dynamic properties such as potential vorticity (PV) are found to be rather useful. This led the WMO (1986) to define the dynamic tropopause height (Z D ) as the isentropic PV surface with a value of 1.6 PVU [1 PV unit (PVU) ϭ 1 ϫ 10 Ϫ6 K kg Ϫ1 m 2 s Ϫ1 ]. Since the threshold value is quite arbitrary, in practice, various PV surfaces from 1 to 4 PVU have been used (Hoerling et al. 1991; Hoinka 1998) . In quasigeostrophic dynamics, Z D is also defined as the location of the maximum quasigeostrophic PV gradient (McIntyre and Palmer 1984; Haynes et al. 2001) .
In this study, tropopause height is defined by Z T rather than Z D . Although the latter is often utilized in the extratropics (Hoerling et al. 1991; Hoinka 1998) , the PV value for Z D is quite arbitrary as noted above. An alternative definition that uses the quasigeostrophic PV gradient is also not suitable for examining shortterm variability since it requires a very high resolution dataset to be resolved. The advantage of Z T is not only due to its objective measurability but also due to its physical relevance for passive tracers. Pan et al. (2004) investigated the definitions of extratropical tropopause from the perspective of chemical composition. With a large number of aircraft observations, they found that the transition from tropospheric to stratospheric chemical tracers occurs in the vicinity of Z T rather than Z D .
From the definition of Z T , the rise of the tropopause must be accompanied by upper-tropospheric warming and/or lower-stratospheric cooling across the reference Z T . This pattern of warming and cooling increases the temperature lapse rate and therefore raises the location of the 2 K km Ϫ1 lapse rate. In general, the aforementioned theories assume that the warming in the upper troposphere, which is caused by poleward and upward eddy heat transports associated with baroclinic disturbances, is responsible for the rise of the tropopause. The impact of the stratospheric cooling had not been considered.
Data and methodology
The global view of the tropopause is often obtained by using reanalysis data (Hoerling et al. 1991; Hoinka 1998; Santer et al. 2003) . Although the sharpness of the
tropopause is severely underestimated in the reanalysis data (Birner et al. 2002) , the overall spatial and temporal structures of the tropopause are well captured by this dataset. In particular, Reichler et al. (2003) showed that difference between Z T calculated from radiosonde data and that inferred from the reanalysis data is small. Noticeable differences between the two sets of data occur only in the latitudinal range from 25°to 44°w here the shrinking and expanding of the Hadley cells change Z T within a few days. They also showed that the daily evolution of Z T can be reasonably well captured by the reanalysis data if the domain of integration extends over a sufficiently large area (i.e., Europe). This suggests that, although the variability of the local Z T may not be accurately estimated from the reanalysis data, the zonal-mean Z T would be faithfully reproduced by the reanalysis data.
The data to be analyzed in this study are the daily National Centers for Environmental PredictionNational Center for Atmospheric Research (NCEP-NCAR) reanalysis data over the time period from 1 January 1979 to 31 December 2004. Sigma-level data are utilized since they have slightly higher vertical resolution than pressure-level data. All reanalysis fields are interpolated into height coordinates with a 0.5-km interval by using a cubic spline. The extrapolation below the topography is not allowed unless stated otherwise. The analyses are performed for the NH extended winter from November to March (NDJFM), and for the SH extended winter from May to September (MJJAS).
The tropopause height and associated zonal-mean fields are examined by means of composite analysis with respect to the two reference variables. One variable is the synoptic-scale eddy kinetic energy, EKE s , where the subscript s denotes the synoptic-scale eddies with zonal wavenumber greater than or equal to 4. The EKE s is integrated from 30°to 70°and from the surface to the 0.2 sigma level (ϳ250 hPa).
1 A separate composite analysis is also conducted with respect to the eddy kinetic energy for zonal wavenumbers between 4 and 8. The results are almost identical to those with respect to the EKE s . Thus, although the EKE s includes not only baroclinic eddies but also small-scale eddies, it is nevertheless referred to as baroclinic eddy kinetic energy in this study. The other reference variable is the extratropical-mean, zonal-mean tropopause height, ͗[Z ] T ͘, where the angle bracket denotes the average from 43°t o 64°weighted with respect to latitude. The latitude band is chosen to exclude the influence of the poleward boundary of the Hadley cell.
The choice of the reference variable EKE s for the composite is motivated by the theories. As briefly described in the introduction, various theories suggest that the tropopause is sharpened and raised by baroclinic eddies. If this is the case, one may expect a rise of ͗[Z ] T ͘ with increasing EKE s . This possible relation is quantitatively examined with composite fields based on EKE s . However, there is no a priori reason to assume that the intraseasonal variability of ͗[Z ] T ͘ is controlled by baroclinic eddies. This leads us to choose the other reference variable for the composite, ͗[Z ] T ͘, which is the key parameter in this study. By constructing composite fields with respect to ͗[Z ] T ͘, the relative importance of each physical process (i.e., synoptic-scale eddies, planetary-scale eddies, diabatic heating, stratospheric circulation, etc.) for the intraseasonal variability of
The seasonal cycle of the EKE s and ͗[Z ] T ͘ time series is removed. The interannual variability is also filtered by removing the seasonal-mean value for each year. Then, the local extrema, which are greater than or less than one standard deviation, are selected for a composite analysis. If two extrema occur within 5 days, the extrema with smaller amplitude is discarded. Table 1 shows the number of cases that are incorporated into the composite fields. Hereafter, the data with the seasonal cycle and interannual variability removed are denoted with a prime, and are referred to as an anomaly.
Northern Hemisphere winter
The intraseasonal variability of [Z]Ј T is first examined for the NH winter and then extended for the SH winter.
a. Composites based on EKEЈ s
The temporal evolution of the composite EKEЈ s is shown in Fig. 1a . Both positive and negative cases are illustrated together by reversing the sign of the negative cases. The two cases are almost identical to each other for the time period between lag Ϫ10 and lag ϩ10 days. Although not shown, this similarity in the two cases is also found in the temporal evolution in the latitudinal T is defined with temperature lapse rate, the upper-tropospheric warming/lowerstratospheric cooling, which increases the lapse rate near the tropopause, shifts the tropopause upward. Since this warming/cooling is mainly caused by poleward eddy heat flux convergence (Fig. 5g) , the rising of the tropopause can be attributed to the heat fluxes associated with the eddies. In the conventional eddy life cycles, the maximum upper-tropospheric heat fluxes occur when EKE s is decreasing (e.g., Simmons and Hoskins 1978; Randel and Stanford 1985) . Therefore, given our results for the relationship between uppertropospheric heat flux and tropopause height (Fig. 5) , the maximum [Z]Ј T is expected to lag the maximum EKE s . This can be seen in Fig. 1 .
The above results indicate that baroclinic disturbances tend to raise the extratropical tropopause. This is broadly consistent with the aforementioned theories and the finding of DRS. However, the fluctuation of [Z]Ј T during the eddy life cycles is fairly small, being only ϳ150 m in 5 days (Fig. 1b) , which is smaller than the one standard deviation value of the extratropical [Z]Ј T (ϳ200 m). Again, the number of cases used to construct composite fields is indicated in Table 1 [Z] Ј T by 1 day. As such, the maximum EKEЈ s value is followed by that of EKEЈ p by about 2 days. This time lag is also found in the minimum peaks near lag Ϫ7 and lag ϩ6 days, indicating a strong connection between the two scales presumably through an upscale energy cascade. These results suggest that the planetary-scale waves, which are typically excited by baroclinic disturbances, may play an important role in the intraseasonal variability of [Z ] T . Although not shown, a preliminary calculation of the EKEЈ p budget showed that some of the EKEЈ p in Fig. 3a is indeed generated by the nonlinear interaction with synoptic-scale eddies. However, a comparable amount of EKEЈ p is also generated baroclinically by conversion from the available potential energy. Here, the energy is converted from both the zonal available potential energy and the stationary and transient eddy potential energies.
The presented in Fig. 4 Figures 2 and 4 show a comparable tropospheric warming, while the stratospheric cooling in Fig. 2 is much weaker than that in Fig. 4 . Note that the contour interval in Fig. 2 is half that in Fig. 4 . In addition, the maximum cooling in Fig. 2 
where
The asterisk denotes the deviation from the zonal mean. In (1), the diabatic heating, Q DIA , is inferred from the residual of the budget. As a result, it includes numerical errors. After removing the seasonal cycle, all terms are averaged between 43°and 64°with area weighting, and then their corresponding 31-day mean (from lag Ϫ15 to ϩ15 days) is subtracted. 2 Here, the time mean is removed to filter the interannual variability, emphasizing the changes in individual terms over time. This approach is slightly different from the anomaly fields presented so far in which interannual variability is removed by subtracting the seasonal-mean value of each year.
Figures 5a-d display anomalous [], its time tendency, dynamic heating Q DYN , and diabatic heating together with calculation errors Q DIA (from left to right). Again, the values that are statistically significant above the 99% (95%) confidence level are shaded in dark (light) gray. It is evident that the dipole [] anomaly results from the dynamic heating (Fig. 5c) . Decomposition of dynamic heating into individual terms in (1) (Figs. 5e-h) further reveals that it is largely caused by poleward eddy heat transport (Fig. 5g) . Although not shown, nearly identical results are found when the the composite heat budget analysis is conducted with respect to EKEЈ s .
The contributions of the synoptic-and planetaryscale eddies to the total eddy heat flux convergence in Fig. 5g are presented in Fig. 6 . While the eddy heat flux convergence in the troposphere is caused by both synoptic-and planetary-scale eddies, the stratospheric heat flux convergence is primarily driven by planetary-scale eddies. This result seems to suggest that the intraseasonal [Z ] T variability may be dominated by the planetary-scale eddies. To quantitatively examine the relative importance of the synoptic-and planetary-scale eddies toward tropopause height fluctuations, we regress the tendency of the tropopause height against the tendency of the potential temperature lapse rate at the tropopause (see the appendix). It is found that, although the contribution by planetary-scale eddies is indeed dominant, that by synoptic-scale eddies is also substantial (see Table A1 ). This result arises from the fact that while the warming by planetary-scale eddies in both the troposphere and stratosphere is stronger, its vertical gradient at the tropopause is similar to that of the synoptic-scale eddies (see Fig. 6 ).
In Fig. 6 , it is also seen that the tropospheric warming by synoptic-scale eddies precedes that by planetaryscale eddies by about 2 days, consistent with 2-day lag between EKEЈ s and EKEЈ p (Fig. 3a) . The tropospheric warming is then followed by stratospheric warming another 2 days later. Taken together, the picture that emerges, although not rigorously analyzed in this study, is that kinetic energy of planetary-scale waves are generated both by upscale energy cascade from synopticscale disturbances, and by conversion from available potential energy. The tropopause height is substantially modulated when these waves reach the stratosphere.
The above speculation is examined with the aid of Eliassen-Palm (EP) fluxes (Dunkerton et al. 1981) . The primitive equation form of the EP flux vectors, F ϭ (F , F z ), are defined as
͑2͒
2 The results are insensitive to the choice of time mean. We found almost identical results with 21-and 41-day means. (Fig. 7b ) and reach their maximum amplitude at lag Ϫ2 days (Fig. 7c) . Since the vertical component of the EP flux is proportional to the poleward eddy heat flux [see (2)], these strong EP fluxes accompany a significant tropospheric warming on their poleward side. The planetary-scale EP fluxes are illustrated in Figs. 7f-j. The majority of EP flux vectors point downward at lag Ϫ4 days (Fig. 7g) when the synoptic-scale EP fluxes start to grow. The upward-pointing EP flux vectors, which are quite weak and shallow, are observed only within a narrow range of latitudes. These upward EP flux vectors gradually intensify over time (Figs. 7h, i) and eventually reach their maximum amplitude at the lag 0 day, a few days later than the maximum synopticscale EP fluxes (Fig. 7c) . Furthermore, at this time, the planetary-scale eddies start to penetrate into the stratosphere (Figs. 7i,j) , causing a stratospheric warming in the extratropics poleward of ϳ45°. All of these findings are consistent with the aforementioned picture that the planetary-scale disturbances are first generated in the troposphere and then followed by their vertical propagation into the stratosphere.
The above EP flux diagnostics emphasize the tropospheric warming before the lag 0 day followed by the stratospheric warming after the lag 0 day in Fig. 5b . However, as seen in Fig. 5b , the rise of ͗[Z ] T ͘ is associated with a warming in the troposphere and a concurrent cooling in the stratosphere. Since this cooling is also caused by planetary-scale disturbances (Fig. 6b) , the planetary-scale EP fluxes are more closely examined for the period from lag Ϫ6 to Ϫ2 days. Figures 7f-h show that the stratospheric cooling at 45°-65°N is caused by the combined effect of strong downward EP fluxes near 45°N and weak upward EP fluxes near 65°N. It is the difference between the vertical component of these two EP fluxes that determines the stratospheric cooling. The time evolution of the vertical component of the anomalous EP flux at 5 (F z 5 km ) and at 9 km (F z 9 km ) is presented in Fig. 8 . A hint of a baroclinic eddy life cycle can be seen in Fig. 8a . The maximum value of synoptic-scale F z 5 km at lag Ϫ3 days is followed by its minimum value at lag ϩ3 days. A weak secondary minima is also found at lag Ϫ7 days. This particular EP flux may correspond to the remnant of previous eddy life cycle. A similar tripole anomaly pattern is found in the planetary-scale F z 5 km but with a 2-day time lag (Fig. 8b) . This systematic connection between synoptic-and planetary-scale . Here, is an aspect ratio equal to 3 ϫ l0 4 (0.5a)
Ϫ1
. The vectors are plotted in black if either F or F z is statistically significant above the 95% confidence level. Small-amplitude vectors are neglected. In (a)-(j), [Z ] T at a given lag day is denoted with a thick solid line. Fig. 5g, but (a) the contribution from synoptic-scale eddies and (b) the contribution from planetary-scale eddies.
FIG. 6. Same as in
cycle (e.g., Gutowski et al. 1989) . Since the zonal wavenumber of a disturbance decreases as it moves poleward, synoptic-scale waves in midlatitudes appear as planetary-scale waves in high latitudes. For instance, the length scale corresponding to zonal wavenumber 5 at 45°is (a cos 45°)/5, where a is the radius of the earth. At 65°, the same length scale is then represented by zonal wavenumber 3 since (a cos 45°)/5 Ӎ (a cos 65°)/3. This hints that the planetary-scale EP fluxes around 65°N in Fig. 7g (the positive peak at lag Ϫ4 days in Fig.  8c ) are possibly due to the occurrence of a secondary baroclinic eddy life cycle. As such, the stratospheric cooling before the lag 0 day is likely caused not only by the decaying phase of the previous eddy life cycle in midlatitudes but also by the growing phase of the secondary eddy life cycle in high latitudes. However, given that this evidence is weak, more detailed observational analysis and idealized modeling studies are necessary.
Southern Hemisphere winter
The previous section shows that the fluctuation of NH ͗[Z ] T ͘ is strongly affected by planetary-scale eddies. This result leads us to examine the SH ͗[Z ] T ͘. In the absence of strong stationary forcing, it may be expected that the SH ͗[Z]Ј T ͘ would be dominated by synoptic-scale eddies rather than by planetary-scale eddies.
The composite EKEЈ and [Z]Ј T in the SH extended winter are presented in Fig. 9 . The composite fields are constructed with respect to ͗[Z]Ј T ͘ so that they should be compared with those in Fig. 3 . A total of 52 positive and 41 negative cases are used (Table 1) . It is seen that, although the changes in ͗[Z]Ј T ͘ are relatively weak and broad, the overall structure is qualitatively similar to that in the NH winter. The temporal evolution of EKEЈ also shows a reasonable degree of similarity (solid curves in Figs. 3a and 9a ). As ͗[Z]Ј T ͘ rises, the value of EKEЈ rapidly increases.
Despite the above similarities, the physical processes that are responsible for the ͗[Z]Ј T ͘ fluctuations seem to be fundamentally different in the two hemispheres. For instance, while the NH EKEЈ includes both EKEЈ s and EKEЈ p , the SH EKEЈ is mostly due to EKEЈ s . Although the maximum value of EKEЈ p occurs with a 2-day time lag relative to EKEЈ s as in the NH, its amplitude is less than half of EKEЈ s . This implies that the generation of EKEЈ p by upscale energy cascade alone is rather moderate. 3 The kinetic energy budget was also calculated for the SH winter. However, the results were not statistically significant even at the 80% confidence level. The residual of the budget was even greater than the total tendency of EKEЈ p . This is presumably due to the weak amplitudes of EKEЈ p . (Figs. 10c,g ). However, the stratospheric []Ј is not simply controlled by Q DYN . It is also affected by Q DIA (Fig. 10d) . In addition, Fig. 11 reveals that stratospheric Q DYN is not caused by planetary-scale eddies but by synoptic-scale eddies. In summary, the intraseasonal variability of ͗[Z]Ј T ͘ in the SH winter is mainly controlled by synoptic-scale eddy heat fluxes (particularly wavenumber 4) and diabatic heating. Consistent with Fig. 9a , the effect of planetary-scale eddies is rather minor.
Comparing with Q DIA in the NH, the SH Q DIA is quite strong (Fig. 10d) . The linear regression analysis suggests that Q DIA explains about one-third of the SH ͗[Z ] T ͘ fluctuation (see the appendix). Recalling that Q DIA is derived from the residual of the budget, it may be attributed to calculation errors. However, we suspect that it may result from lower-stratospheric ozone. Wong and Wang (2003) demonstrated that the interannual variability of the SH [Z ] T at latitudes higher than 45°S is mainly controlled by stratospheric ozone. Likewise, in the presence of a large amount of ozone in the SH winter, the short-term fluctuation of ozone may also influence ͗[Z]Ј T ͘. As can be inferred from Fig. 10e , the rising and sinking of SH ͗[Z ] T ͘ accompany updrafts and downdrafts in the lower stratosphere. The associated vertical transport of ozone would result in radiative cooling and warming in the lower stratosphere, as in Fig. 10d . Clearly, further investigation is needed to confirm this possibility.
Summary and discussion
Various theories have proposed that the height of the extratropical tropopause is controlled by baroclinic eddies (e.g., Held 1982; Lindzen 1993; Schneider 2004) . In accordance with these theories, it is found that the extratropical tropopause height is modulated by baroclinic eddies. This result is also consistent with that of DRS who performed a similar analysis with respect to 500-hPa eddy geopotential height averaged over midlatitudes. However, it is evident that baroclinic eddies account for only a relatively small part of the actual fluctuation of the extratropical tropopause height.
For the NH winter, a composite analysis based on the extratropical-mean tropopause height reveals that the rise of the tropopause is caused not only by warming in the troposphere but also by the concurrent cooling in the stratosphere. In particular, the latter plays the predominant role, suggesting that stratospheric processes are crucial not only for determining the time-mean tropopause (e.g., Gabriel et al. 1999; Kirk-Davidoff and Lindzen 2000; Thuburn and Craig 2000) , but also for understanding its internal variability. A heat budget analysis shows that while tropospheric warming is induced by poleward eddy heat transport associated with FIG. 9 . Same as in Fig. 3 , but for SH winter.
baroclinic eddies, stratospheric cooling is primarily caused by planetary-scale eddies. Our findings suggest that the stratospheric planetary-scale eddies arise from planetary waves that are first generated in the troposphere via upscale energy cascade and energy conversion from available potential energy. After their excitation, these planetary-scale waves propagate vertically into the stratosphere.
Identical analyses are also performed for the SH extended winter and for the summer seasons of both hemispheres. As in the NH winter cases, the tropopause is raised by the combined effect of uppertropospheric warming and lower-stratospheric cooling. In particular, while the tropospheric warming is always driven by poleward eddy heat transports, the stratospheric cooling is driven by various processes such as poleward eddy heat flux convergence, vertical heat advection, and diabatic heating, depending on the season and hemisphere. For instance, during the SH winter, stratospheric temperature anomalies are caused primarily by poleward heat flux convergence associated with synoptic-scale eddies and diabatic heating, which is presumably due to stratospheric ozone. Although further analyses are required, these results suggest that baroclinic eddy activity alone cannot explain the observed intraseasonal variability of the tropopause height in both hemispheres for all seasons of the year.
The above results strongly suggest that the theories on the extratropical tropopause must include the dynamics of stratospheric waves. This is consistent with recent results from analytical studies (e.g., Bordi et al. The right-hand side corresponds to the lapse rate changes due to horizontal heat advection, vertical heat advection, horizontal heat flux convergence, vertical heat flux convergence, and internal diffusion. All of these terms are averaged from 43°to 64°as in the composite analysis. The seasonal cycle and interannual variability are also removed. The results are summarized in Table A1 for both hemispheres. We show the percentage ratio of ZЉ associated with each term to the total Z؆. 
